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interannual climate variability 
(Kushnir 2003)

bioactivity (Seawifs)

CCM error maps (Richter, Xie 2008)

SST intra-seasonal variability 
(Diakhaté et al. 2015)

mixed layer minima 
 (De Boyer et al. 2004)

Ekman vertical pumping

which constrain explains these pattern ?



 

Modelling large scale vertical velocities 
 
 
model : Nemo 

 
config : ORCA025-G70 

–  (DRAKKAR reference simulation) 

horizontal resolution: from 27 km 

   (1/4° at equator) to 12 km (Arctic) 
 
vertical resolution : 46 levels, spaced 
   from 6 m (surface) to 250 m (bottom) 
 

average 1980-2004 
 
 



I. vertical velocity at low frequency:
What determine vertical movements within and below the Ekman 
layer?
In an upwelling, is the Ekman velocity really upwards? 
How is its surface mass divergence balanced 
 is geostrophic flow divergent? 
What is behind the Sverdrup integral balance?

II. Control of the sea surface temperature in a large upwelling system
Various variabilities
Are surface temperature always cooled by upwelling? 
How much salinity may controls the mixed layer and its temperature?

Questions - outline



Ekman currents horizontal divergence 
generates downward vertical velocities 

Ekman pumping
What determine vertical movements within and below the Ekman layer?
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F defined above which, for convenience,
we write out in component form here:

−fv +
1
ρref

∂p
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=
1
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∂τx

∂z
;
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∂z
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Equation 10-3 describes the balance of
forces in the directly wind-driven circula-
tion, but it does not yet tell us what that
circulation is. The stress at the surface is
known—it is the wind stress, τwind, plot-
ted in Fig. 10.2—but we do not know the
vertical distribution of stress beneath the
surface. The wind stress will be communi-
cated downward by turbulent, wind-stirred
motions confined to the near-surface layers
of the ocean. The direct influence of wind-
forcing decays with depth (rather rapidly,
in a few tens of meters or so, depending
on wind strength) so that by the time a
depth z = −δ has been reached, the stress
has vanished, τ = 0, as sketched in Fig. 10.4.
As discussed in Chapter 7, this is the Ekman
layer.

Conveniently, we can bypass the need to
know the detailed vertical distribution of

τ by focusing on the transport properties
of the layer by integrating vertically across
it. As in Section 7.4, we split the flow
into geostrophic and ageostrophic parts.
With F given by Eq. 10-2, the ageostrophic
component of Eq. 7-25 is

f ẑ × uag =
1
ρref

∂τ

∂z
. (10-4)

Multiplying Eq. 10-4 by ρref and integrating
across the layer from the surface where
τ = τwind, to a depth z = −δ, where τ = 0
(see Fig. 10.4) we obtain:

f ẑ × MEk = τ(z = 0) = τwind,

where

MEk =

0∫

−δ

ρref uagdz

is the lateral mass transport over the layer.
Noting that ẑ ×

(
ẑ × MEk

)
= −MEk, we may

rearrange the above to give:

MEk =
τwind × ẑ

f
. (10-5)

FIGURE 10.4. The stress at the sea surface, τ(0) = τwind, the wind stress, diminishes to zero at a depth z = −δ.
The layer directly affected by the stress is known as the Ekman layer.

๏ in an upwelling state, wind driven currents subtract mass, 
corresponding initially to downward vertical velocity Wwind (!)

๏ when steady state is reached, sea surface is stable,                  
<=>   Wwind + WEk = 0 (boundary condition : z=0)

Ekman (vertically integrated) transport
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FIGURE 10.5. The mass transport of the Ekman
layer is directed to the right of the wind in the northern
hemisphere (see Eq. 10-5). Theory suggests that hori-
zontal currents, uag, within the Ekman layer spiral with
depth as shown.

Since ẑ is a unit vector pointing vertically
upwards, we see that the mass transport
of the Ekman layer is exactly to the right
of the surface wind (in the northern hemi-
sphere). Eq. 10-5 determines MEk, which
depends only on τwind and f. But Eq. 10-5
does not predict typical velocities or bound-
ary layer depths that depend on the details
of the turbulent boundary layer. A more
complete analysis (carried out by Ekman,
19051) shows that the horizontal velocity
vectors within the layer trace out a spiral, as
shown in Fig. 10.5. Typically δ ≃ 10 − 100 m.
So the direct effects of the wind are confined
to the very surface of the ocean.

10.1.2. Ekman pumping and suction and
GFD Lab XII

Imagine a wind stress blowing over the
northern hemisphere ocean with the general
anticyclonic pattern sketched in Fig. 10.6

(left). We have just seen that the Ekman
transport is directed to the right of the
wind and hence there will be a mass flux
directed inward (as marked by the broad
open arrows in the figure), leading to con-
vergence into the center. Since the mass
flux across the sea surface is zero (neglect-
ing evaporation and precipitation, which,
as discussed in Chapter 11, are typically
± 1 m y−1), water cannot accumulate in the
steady state, and so it must be driven down
into the interior. Conversely, the cyclonic
pattern of wind stress sketched in Fig. 10.6
(right) will result in a mass flux directed out-
ward from the center, and therefore water
will be drawn up from below.

If the wind stress pattern varies in space
(or, more precisely, as we shall see, if the
wind stress has some ‘‘curl’’) it will there-
fore result in vertical motion across the
base of the Ekman layer. The flow within
the Ekman layer is convergent in anti-
cyclonic flow and divergent in cyclonic
flow, as sketched in Fig. 10.6. The conver-
gent flow drives downward vertical motion
(called Ekman pumping); the divergent flow
drives upward vertical motion from beneath
(called Ekman suction). We will see that it
is this pattern of vertical motion from the
base of surface Ekman layers that brings
the interior of the ocean into motion. But
first let us study Ekman pumping and suc-
tion in isolation, in a simple laboratory
experiment.

GFD Lab XII: Ekman pumping and suction

The mechanism by which the wind drives
ocean circulation through the action of
Ekman layers can be studied in a simple
laboratory experiment in which the cyclonic

1 Vagn Walfrid Ekman (1874–1954), a Swedish physical oceanographer, is remembered for his studies
of wind-driven ocean currents. The role of Coriolis forces in the wind-driven layers of the ocean was
first suggested by the great Norwegian explorer Fridtjof Nansen, who observed that sea ice generally
drifted to the right of the wind and proposed that this was a consequence of the Coriolis force. He
suggested the problem to Ekman—at the time a student of Vilhelm Bjerknes—who, remarkably,
worked out the mathematics behind what are now known as Ekman spirals in one evening of intense
activity.
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Ekman pumping
What determine vertical movements within and below the Ekman layer?
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FIGURE 10.9. (Top) The anticlockwise rotation of
the disc at the surface induces upwelling in the fluid
beneath (Ekman suction), as can be clearly seen from
the ‘‘dome’’ of dyed fluid being drawn up from below.
(Bottom) We see the experiment from the top and, via
the mirror, from the side (and slightly below). Now,
sometime later, the dye has been drawn up in to a
column reaching right up to the disk and is being
expelled outward at the top. The white arrows indicate
the general direction of flow. The yellow line marks the
rotating disk.

upward into the Ekman layer (as in GFD
Lab XII, just described). Hence isopycnals
are drawn up to the surface around lati-
tudes of 60◦ N, S. This general pattern of
Ekman pumping/suction imposed on the
interior ocean is represented by the vertical
arrows in the schematic Fig. 10.1.

FIGURE 10.10. A schematic showing midlatitude
westerlies (eastward wind stress) and tropical easterlies
(westward stress) blowing over the ocean. Because
the Ekman transport is to the right of the wind in
the northern hemisphere, there is convergence and
downward Ekman pumping into the interior of the
ocean. Note that the sea surface is high in regions of
convergence.

We can obtain a simple expression for
the pattern and magnitude of the Ekman
pumping/suction field in terms of the
applied wind stress as follows. Integrat-
ing the continuity equation, Eq. 6-11, across
the Ekman layer, assuming that geostrophic
flow is nondivergent (but see footnote in
Section 10.2.1):

∇h · uag +
∂w
∂z

= 0, (10-6)

and noting w = 0 at the sea surface, then
the divergence of the Ekman layer transport
results in a vertical velocity at the bottom of
the Ekman layer that has magnitude, using
Eq. 10-5

wEk =
1
ρref

∇h · MEk (10-7)

=
1
ρref

ẑ · ∇ ×
(
τwind

f

)

=
1
ρref

(
∂

∂x
τwindy

f
− ∂

∂y
τwindx

f

)
(10-8)

(see Appendix A.2.2, III). The Ekman pump-
ing velocity defined in Eq. 10-8 depends
on the curl of

(
τwind/f

)
. Note, however,

that typically τwind varies much more than
f, and so the pattern of wEk is largely
set by variations in τwind. We can esti-
mate the magnitude of wEk as follows.
Figure 10.2 shows that τwind changes from
+0.1 N m−2 to −0.1 N m−2 over 20◦ of lati-
tude, or 2000 km. Thus Eq. 10-8 suggests

Ekman (vertically integrated) transport

MEk       divergence

๏ in an upwelling state, wind driven currents subtract mass, 
corresponding initially to downward vertical velocity Wwind (!)

๏when steady state is reached, sea surface is stable,                  
<=>                      WEk = - Wwind   (z=0)   

MEk divergent

thermocline

  deep ocean



(1)	 (2)	

geostrophy … 
…and its divergence

What determine vertical movements within and below the Ekman layer?

How is its surface mass divergence balanced and 
geostrophic flow divergence : 



(1)	 (2)	

geostrophy … 
…and its divergence… 
leads to

(df/dy=beta)

Linear vorticity balance

How is Ekman transport divergence balanced and 
is geostrophic flow so non-divergent? 



(1)	 (2)	

geostrophy … 
…and its divergence… 
leads to

…and VERTICAL VELOCITY
Linear vorticity balance



 

Modelling large scale vertical velocities 
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Large scale w (model) controlled by linear vorticity balance ? 
f ∂w/∂z = β v ? 

 

relative error

Faye et al. Variability of SST and circulation

Introduction

The sea surface temperature (SST) is a crucial quantity for studies
of both climate variability and marine ecosystem productivity.
In the tropical Atlantic, as well as for the other tropical basins,
SST exerts a significant influence on the climate of surrounding
regions (e.g., [1, 2]). It is also a major indicator of the state
of the marine environment relative to phytoplankton biomass
needs, particularly for upwelling zone activity, and particularly
for coastal upwellings [3]. One of the less studied zones is the
Atlantic North-eastern Tropical Upwelling System (ANETUS,
examined here from 7 to 25◦N and 12 to 26◦W). It is also one
of the regions experiencing the largest SST seasonal cycle in the
tropics. In this study, we propose to present and interpret the full
spatial distribution of the processes driving the seasonal cycle of
the SST, for the open ocean upwelling regime, as well as at the
coasts.

Trade winds and the ITCZ generate large scale divergent
Ekman transports, which force in the northern hemisphere
a tropical upwelling system that continuously extends from
Morocco to the mouth of the Guinea Gulf, and from the African
coasts to mid and west Atlantic, depending on season [4, 5].
Considered from a basin-scale perspective, this system forces a
cyclonic gyre circulation, the Guinea Gyre [e.g., 6], of which the
Guinea Dome and the coastal West-African upwellings form the
most eastern features [4, 7]. In this paper, we limit our study
to the eastern part of the system, bounded in latitude by the
Tropic of Cancer and the North Equatorial Counter-Current and
in longitude by the Cape Verde Archipelago (CVA around 26◦W)
and African coasts. This area is marked by intense, seasonally
dependent, off-shore and coastal primary production patterns of
major economic importance. The coastal part of the upwelling
system covers latitudes ranging from Morocco and Canary
Islands to Senegal [8] and further south down to the Guinea
Gulf. It forms the tropical part of the Canary Current Upwelling
System (CCUS) down to Senegal, as well as the northern part of
the Guinea Current Upwelling System that extends from Guinea
coasts to the Gulf of Guinea. The CCUS is one of the four major
eastern boundary upwelling systems with those of Peru-Chile,
Benguela, and California.

Horizontal circulation is schematized Figure 1. To the west,
the North Equatorial Current (NEC) and the Canary Current
(CC) forms the eastern boundary of the North Atlantic
subtropical gyre. Near-shore, a strong wind-induced coastal
upwelling is active, its extension depending on season, and a
density front develops that generates the coastal jet [9–11],
also named Canary upwelling Current (CanUC) [12]. However,
observations are lacking and its latitudinal extension to the south
is uncertain, with some model studies showing it down to the
Cape Verde peninsula (see dashed green arrow in Figure 1).
South of the region, the circulation is dominated by the North
Equatorial Counter-Current (NECC), which has a large seasonal
cycle [13, 14]. It is located near 5◦N in winter and reaches 10◦N in
summer. During this season, it continues north as theMauritania
Current (MC), which flows northward until about 20◦N [15].
Offshore, the Guinea Dome (GD) is another important physical
characteristic of the area, defined by a dome of the isotherms, and

FIGURE 1 | Map of the schematic surface circulation in the Atlantic

North-eastern Tropical Upwelling System characterized by permanent

currents (dark gray), seasonal currents in winter-spring (green),

another seasonal currents in summer-autumn (blue) and upwelling

area (gray shading). Dash line corresponds to currents not evidenced by

in-situ measurement, but visible in circulation derived from altimetry. (adapted

from [16])

low hydrostatic pressure. It is centered in the southeast of the
archipelago of Cape Verde, and intensifies in summer, at about
12◦N, and 22–23◦W. It is generated by upward Ekman pumping
forced by the trade winds convergence [7, 17], and belongs to the
Guinea Gyre, formed by the NEC and NECC in surface [4, 13].
It exist a link between the GD with the Atlantic Meridional
Mode (AMM) which is related to the meridional migration of the
Intertropical Convergence Zone (ITCZ) [18, 19].

Regarding SST in our region, the mechanisms that drive
its seasonal cycle are not yet certain. Carton and Zhou [20]
ocean model sensitivity experiments show that air-sea flux and
wind stress forcing are of comparable importance away from the
continent, whereas within a few degrees of the African coasts,
the meridional stress becomes the main forcing. Yu et al. [21]
on the other hand evidenced the very high correlation at large
scale in the region north of 10◦N between the SST time derivative
and the net air-sea flux. The first study can be interpreted as
an indication that advection and associated Ekman pumping
are important for the region, and dominant at the coast. The
second may suggest that they do not drive the seasonal cycle.
More specifically, the upper heat content at ∼12◦N and few
specific longitudes, within the Guinea Dome in particular, was
studied by Yamagata and Iizuka [7]. They found that the summer
subsurface cooling is explained comparably by horizontal and
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II. Control of the sea surface temperature in a large upwelling systems
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large scale signals in the Canary EBUS : inter annual to decadal SST variability

Sénégal et Colombie-Carthagène

Interannuel 
1-3 ans

Interannuel 
3-7 ans

Décennal 
7 ans et +

Sénégal et Colombie-Carthagène
SEN - COL  SSTmod

(sst[i=46,j=241,l=@shn:3] - sst[i=46,j=241,l=@shn:7]) sst[i=46,j=241,l=@shn:7]

CC = 0.27CC = 0.59CC = 0.52

(sst[i=46,j=241] - sst[i=46,j=241,l=@shn:3])

Ces deux zones sont bien corrélées, mais 
seulement en interannuel.

 !! SEN +3.0 °C !!

Canaries - Maroc Ces deux bouées sont représentatives de la même zone, relativement isolée en 
interannuel. En lissage décennal, elles sont reliées aux Caraïbes, au golfe de Guinée et à 
l’Europe du Sud.

Canaries et Maroc
CAN -  MOR  SSTmod

CC = 0.87CC = 0.66CC = 0.78

Fortes corrélations entre ces deux bouées.

Southern part (green line)

Northern part (red line)



Seasonal cycle in the Canary EBUS 
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Introduction

The sea surface temperature (SST) is a crucial quantity for studies
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regions (e.g., [1, 2]). It is also a major indicator of the state
of the marine environment relative to phytoplankton biomass
needs, particularly for upwelling zone activity, and particularly
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the North Equatorial Current (NEC) and the Canary Current
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upwelling is active, its extension depending on season, and a
density front develops that generates the coastal jet [9–11],
also named Canary upwelling Current (CanUC) [12]. However,
observations are lacking and its latitudinal extension to the south
is uncertain, with some model studies showing it down to the
Cape Verde peninsula (see dashed green arrow in Figure 1).
South of the region, the circulation is dominated by the North
Equatorial Counter-Current (NECC), which has a large seasonal
cycle [13, 14]. It is located near 5◦N in winter and reaches 10◦N in
summer. During this season, it continues north as theMauritania
Current (MC), which flows northward until about 20◦N [15].
Offshore, the Guinea Dome (GD) is another important physical
characteristic of the area, defined by a dome of the isotherms, and
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low hydrostatic pressure. It is centered in the southeast of the
archipelago of Cape Verde, and intensifies in summer, at about
12◦N, and 22–23◦W. It is generated by upward Ekman pumping
forced by the trade winds convergence [7, 17], and belongs to the
Guinea Gyre, formed by the NEC and NECC in surface [4, 13].
It exist a link between the GD with the Atlantic Meridional
Mode (AMM) which is related to the meridional migration of the
Intertropical Convergence Zone (ITCZ) [18, 19].

Regarding SST in our region, the mechanisms that drive
its seasonal cycle are not yet certain. Carton and Zhou [20]
ocean model sensitivity experiments show that air-sea flux and
wind stress forcing are of comparable importance away from the
continent, whereas within a few degrees of the African coasts,
the meridional stress becomes the main forcing. Yu et al. [21]
on the other hand evidenced the very high correlation at large
scale in the region north of 10◦N between the SST time derivative
and the net air-sea flux. The first study can be interpreted as
an indication that advection and associated Ekman pumping
are important for the region, and dominant at the coast. The
second may suggest that they do not drive the seasonal cycle.
More specifically, the upper heat content at ∼12◦N and few
specific longitudes, within the Guinea Dome in particular, was
studied by Yamagata and Iizuka [7]. They found that the summer
subsurface cooling is explained comparably by horizontal and
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de surface atmosphériques provenant des réanalyses ERA40 et des analyses du ECMWF 

après 2002 (température de l'air, l'humidité et des vents à 10 m). Les corrections sont 

effectuées sur ces champs d'entrée sélectionnés pour avoir une continuité temporelle et obtenir 

un meilleur accord avec certaines données récentes de haute qualité. Les flux de rayonnement 

sont basés sur le jeu de données CORE V1, en utilisant un produit de radiation ISCCP-FD 

corrigé (Zhang et al., 2004). L'utilisation de cet ensemble forçage a été montrée pour 

améliorer la représentation des caractéristiques centrales de la circulation générale de l'océan 

dans le même modèle. Pour ces expériences, nous forçons le modèle avec les forçages 

atmosphériques climatologiques 1988-2000.  

 

4.2.2.3 Diagnostics  
 

Une telle approche a déjà été utilisée par (Vialard et al., 2001)dans l'océan Pacifique 

tropical, par (Peter et al., 2006), (Jouanno et al.,  2011)  dans  l’upwelling  équatorial et le Golf 

de Guinée et par (De.Montegut et al., 2006) , (Wilson-Diaz et al., 2009) dans le nord de 

l'Océan Indien. L'équation de bilan de chaleur dans la couche de mélange est décomposée 

comme décrite dans Menkes et al. (2006) et Peter et al. (2006): 

 

Avec     

Où, T est la température potentielle du modèle, u, v et  wsont respectivement 

lescourant zonal, méridien et vertical, est l'opérateur de la diffusion latérale, Kz est le 

coefficient de diffusion verticale pour les traceurs, h est la MLD.  et  sont les 
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atmosphère dominates ! 
ocean may warm the surface during the 
first phase of the cooling seasons !! 

 Truth, or model error ??  
—> verification with MEASURES
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Figure 4.17: Identique à la figure 4.16 mais en moyenne entre 12°N-18°N i.e. Courbes 

temporelles du cycle saisonnier moyen des termes du bilan de chaleur (a) moyennés dans la 

boite, 19°N-25°N et de la côte à   l’isobathe   200  m ; le forçage atmosphérique (ligne pleine 

noire), advection zonale (ligne pleine verte), advection méridienne (ligne pointillée verte) 

advection horizontale (violet), terme vertical (ligne pointillée rouge), termes océaniques (ligne 

pleine rouge), bilan (ligne pointillée noire) et les flux de chaleur air-mer   ,   l’épaisseur  de   la  

couche de mélange et la tension du vent (b) moyennés dans cette boite ; flux solaire (rouge), 

flux turbulents vert), flux de chaleur net (noir), la tension du vent (violet) et la profondeur de 

la couche de mélange (bleu). 

Pour la boite sud, la variation de la SST présente des valeurs positives de mi-mars à 

mai et de septembre à novembre et des valeurs négatives de juin à août et de décembre à mi-

mars (Figure 4.17a). Elle représente deux saisons de réchauffement et deux saisons de 

refroidissement correspondant à peu près aux quatre grandes saisons des régions tempérées. 

Cela montre le caractère semi-annuel du budget de chaleur dans cette région et révèle une 

nette différence cette boite avec les deux boites analysées précédemment. En plus, une 

deuxième analyse des 3 boites montre une forte variabilité ou une dépendance latitudinale du 

budget de chaleur au large des côtes Nord-ouest africaine. Ainsi, l'évolution de la variation de 

la SST est essentiellement contrôlée par le forçage atmosphérique (Figure 4.18a) comme 

constaté dans les deux boites Nord et centrale.  

Durant la première phase de réchauffement, de mi-mars à mai, les processus 

océaniques et atmosphériques sont maximum en avril, respectivement, de   l’ordre de -

1.5°C/mois et de 2°C/mois. Cependant il y a un décalage d’un  mois   entre le maximum du 

continu thermique (0.7°C/mois en mai) et ceux des processus océaniques et atmosphériques. 
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b  

  COOLING SEASONWARMING SEASON

____atmosphere effect

_ _ upwelling mixing effect

_ _ _dSST/dt

____ oceanic effect

                                        (Faye et al. 2015) 
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Position de MELAX à proximité de 
Dakar ,Sénégal. Fond : températures de 
la mer en saison d’upwelling fort 

MELAX: the mooring characteristics!

Anchored)off)Dakar,)by)30m)depth,)in)
the)core)of)the)upwelling,)))))))the)11th)
of)February)2015))

OCEAN (Surface -> 30 mètres) 
• Température (11 profondeurs) 
• Salinité (surface et fond) 

Période d’acquisition de 10mn, 
transmission satellite chaque 2h 

• Courants (profil continu chaque 90mn) 
• Oxygène de fond 
• Carbone (à venir en 2015) 

 

ATMOSPHERE (de surface) 
• Température de l’air 
• Humidité relative 
• Pression 
• Vent 
• Radiations  
• Précipitation 

Période d’acquisition de 2mn,  
transmission satellite chaque 2h 

Communication satellite 
Centres de contrôle, et de 
prévision du temps 

!
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MELAXSST

COOLINGWARMING

dSST/dt = 
      atmosphere  
    +horizontal advection 
    +subsurface (computed as a rest)

• NDJ cooling: 
atmosphere cools and ocean warms confirmed 
 <=dry continental air + temperature inversions 
• JFM cooling: 
canonical upwelling dynamics cooling 
• AMJJ warming: 
explained by decrease of the upwelling cooling  


